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Ø Huge mass transfers suspected along many active
margins

Ø Spatial correlation with seismicity (notably with the downdip end of
the seismogenic zone)

[Menant et al., 2020]

[Basset & Watts, 2015]

Characterizing tectonic underplating and associated crustal response from the subduction interface 
to the surface along active margins

ü Performing a series of high-resolution thermo-mechanical models of ocean-continent subduction zone including
fluid (de)hydration and transport processes, as well as fluid-related rheological weakening

Problematic

Tectonic underplating: deep accretion at the base of the forearc crust of material dragged down the subduction zone [e.g., Platt, 1986]

Implementation of fluid 
processes

Supplementary Material

Modelling strategy

Field and 
geophysical evidences 

of underplating
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Details on the central-
south-Chilean margin

Long-term accretive dynamics along ocean-continent subduction zone

Subduction intiation Frontal accretion and tectonic underplating

Steady-state accretion dynamics for 10s MyrExhumation up to the surface of a dome-shaped structure

[Menant et al., 2019]
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formed by folding and thrusting of former passive-mar-

gin sediments (300 Ma situation in Fig. 19.3). A possible

reason for folding and thrusting are either contempora-

neous development of the Western Series accretionary

complex farther west and down at the plate interface (see

Fig. 19.3, and below). Alternatively, collision with a ma-

jor oceanic structure may have caused deformation, as

described e.g. for the collision of the Hikurangi Plateau,

New Zealand (Collot et al. 1996). In the western foothills

of the Main Cordillera at ~40° S, structural observations

point to partly syndepositional, early deformation of the

Eastern Series (Parada 1975), implying that sedimenta-

tion lasted until the establishment of the subduction re-

gime. Chemical composition and paleo-Proterozoic Nd

model ages (cf. Lucassen et al. 2004) characterize the East-

ern Series as reworked, pre-Pennsylvanian, regional, con-

tinental basement.

The Western Series (Fig. 19.2) is a metamorphic unit

consisting of meta-turbidite (metapelites, metapsam-

mites) and metabasite in variable proportions, with local

occurrences of ribbon chert,serpentinite and sulphide ore

bodies. Geochemical signatures indicate the metabasite

is similar to ocean floor basalt (Hervé et al. 1988). The

series forms a continuous belt of variable width along the

edge of the continent. South of ~38° S, it stretches from

the landward trench slope to somewhere underneath the

Central Depression, whereas further north, the Western

Series is not exposed but known from drilling and is

present only beneath the coastal platform and offshore

fore-arc area (Fig. 19.2).
The metamorphic imprint has a high P/T signature –

transitional greenschist – to blueschist-facies with con-

ditions of ~400 °C and 8–9 kbar throughout the unit

(Willner et al. 2001; Glodny et al. 2005, and references

therein). Structurally, the Western Series complex is char-

acterized by a mostly subhorizontal, near-penetrative,

transposition foliation that is related to recumbent nappes.

In places, this foliation is overprinted by folding and by

zones of subhorizontal, mylonitic shear. Mineral-stretch-

ing lineations and fold axes,as well as compositional varia-

tions (e.g., lens-shaped metabasite bodies),generally trend

NW-SE (Kato 1985; Godoy and Kato 1990; Martin et al.

1999; Glodny et al. 2005).
The complex has been shown, by reflection seismic

imaging at 38°15' S (Krawczyk and the SPOC Team 2003),

to continue down to the plate interface. It constitutes an

extinct, fore-arc accretionary prism that was assembled

by basal accretion (Willner et al. 2000; Glodny et al. 2005).

Initial build-up of the complex must have started as early

as ~305 Ma (Willner et al. 2004), soon after subduction

was initiated (Fig. 19.3). It is worth noting that the short

distance between the Western Series accretionary com-

plex and the Paleozoic magmatic arc (in places less than

50 km, Fig. 19.2) requires that the Western Series origi-

nally was assembled at a large distance (of ~100 km and

more) from the trench. This implies that the Western Se-

ries material must have travelled a considerable distance

in a subduction channel at the plate interface before it

was finally basally accreted, as described in analogy e.g.

for the Orocopia-Pelona schists of southern California

(Jacobson et al. 1996; Grove et al. 2003)

Basal growth increased the volume of the Western Se-

ries complex, most likely at the expense of the pre-exist-

ing margin sediment of the Eastern Series. In the early

Permian, at around 275 Ma, erosion had already exposed

the divergent, fault-zone contact between the Western and

Eastern Series (Fig. 19.3). Locally, the Western Series con-

tinued to grow until the late Triassic, as explained below.

Neodymium model ages for Western Series rocks (cf.

Hervé et al. 1990; Duhart et al. 2001; Lucassen et al. 2004;

Glodny et al. 2005) show marked contrasts between meta-

Fig. 19.3. Model of Pennsylvanian to early Permian margin evolution

and formation of the Lanalhue fault, using vertically exaggerated cross

sections of the continental margin at ~40° S. Lower part: Status at

~300 Ma, ~5–10 Ma after onset of subduction. Ongoing deformation

of former passive-margin sediments (Eastern Series) is accompanied

by initial growth of a basal-accretionary complex (Western Series),

and arc magmatism. Note the divergent fault contact between East-

ern andWestern Series in the eastern flankof theWestern Series. Upper

part: Situation at ~275 Ma. Upwarping of the Western Series and sur-

face erosion led to exposure of the Western Series in a fore-arc high,

while arc magmatism ceased. Ongoing basal accretion south of 38° S

contrasts with subduction erosion and fore-arc mass wasting further

north. Differential margin behavior induces margin segmentation,

with reworking of the Western-Eastern Series contact as a sinistral

transform fault (the LFZ, Lanalhue Fault Zone)

J. Glodny · H. Echtler · O. Figueroa · G. Franz ·  K. Gräfe · H. Kemnitz · W. Kramer · C. Krawczyk · J. Lohrmann · F. Lucassen · D. Melnick · M. Rosenau · W. Seifert

Angiboust et al.
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blende and phengite rims around muscovite-rich 

cores (Angiboust et al., 2017; see also Willner 

et al., 2004a).At least three deformation events can be iden-

tified in the Lazaro unit. A primary subvertical 

HT metamorphic foliation striking N-S to NE-

SW and comprising numerous peritectic garnet 

crystals (related to partial-melting extraction 

processes) is crosscut by a series of NW-SE–

striking, greenschist-facies shear zones sub-

parallel to the main Puerto shear zone structure. 

In the lowermost hundred meters of the Lazaro 

unit (Fig. 2A; Hyppolito et al., 2016; Angiboust 

et al., 2017), the HT fabric has been transposed 

along the Puerto shear zone, leading to the for-

mation of C-S greenschist-facies mylonites 

(e.g., sample 29a; Fig. 2A). Both top-to-the-NW 

kinematic indicators and back-shearing kine-

matic indicators have been observed along this 

thrust contact, which dips on average 20° to the 

SE. The upper part of the Garnet Amphibolite 

unit, along the Puerto shear zone, has been also 

affected by this LT mylonitic deformation stage. 

The eastern part of the Lazaro unit has been af-

fected by a pervasive strike-slip mylonitic defor-

mation stage along the Seno Arcabuz shear zone 

(see Fig. 1C and following text).
Seno Arcabuz Shear ZoneIn the Diego de Almagro Island region, 

the Madre de Dios accretionary complex is 

bounded to the west by a multikilometer-thick 

sinistral, NNW-trending subvertical strike-slip 

shear zone, the Seno Arcabuz shear zone, along 

which mylonitic deformation caused partial 

reworking of the eastern part of Diego de Al-

magro Island and juxtaposition with the Madre 

de Dios accretionary complex (Fig. 1C; Hervé 

et al., 1999; Olivares et al., 2003; Willner et al., 

2004a, 2009). The amphibolite-facies deforma-

tion stage visible in Seno Arcabuz shear zone 

rocks has been estimated to have at conditions 

around 580–690 °C and 0.5–0.6 GPa (Willner 

et al., 2004a). K-Ar dating of muscovite yielded 

an age of 122 ± 4.6 Ma for a garnet mica schist 

from the Seno Arcabuz shear zone (Willner 

et al., 2004a). The HT metamorphism along the 

Seno Arcabuz shear zone has been interpreted 

by Willner et al. (2004a) as evidence for heat ad-

vection associated with the coeval emplacement 

greenschist facies mylonitesN #29a

Lazaro unit

Blueschists and 
garnet amphibolite units

Puerto shear zone

Mafic tuffs

Cherts Lazaro unit

Blueschist unit

Leucosom
es

M
elanosom

es

CC

BB

AA

(c. 500°C, 1.6 GPa
 and 80 Ma)

(c. 750°C, 1.3 GPa
and 163 Ma)

Almagro HP-LT Complex
Almagro HP-LT Complex

Figure 2. Field pictures of the Lazaro unit and Almagro high-pressure–low-temperature (HP-LT) complex. (A) Field photograph 

showing the contact between the Lazaro unit and the underlying HP-LT complex (Puerto shear zone). The star represents sample 

29a location. (B) Representative Almagro HP-LT complex Blueschist unit outcrop showing the mafic tuff interlayered with cherts. 

(C) Lazaro unit outcrop containing numerous decimeter-thick strongly folded leucosomes and melanosomes (field of view: ~10 m). 

In both units, we indicate the conditions and ages of metamorphism.

HP-LT Western series,
(central-southern Chile)

[Angiboust et al., 2018]

[Glodny et al., 2006]

Forearc margin in
alternative models

Modeling frontal accretion and tectonic underplating processes
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Forearc deformation 
and fluid flow

Ø Preferential location of underplating events (UZ1 and UZ2) and
fluid distribution in the forearc domain

Relation between underplating events and plate interface hydromechanics

Fluid markers

Ø Shear stress variations along the plate interface

[Menant et al., 2019]

Tectonic underplatingsubduction segments with 

increasing frictional behaviour

Higher stress increase (~5 MPa)
= underplated sediments + basalt

Small stress increase (~2 MPa)
= only underplated sediments
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Details on 3D shape of 
topography

The « topographic signature » of tectonic underplating

Ø Tectonic underplating and long-term forearc topography: >1,000 m coastal
high and inner forearc depression

Ø Myr-scale vertical oscillations of the high coastal
topography correlated with underplating events ~2.8 Myr periodicity

Ø Consistent topographic pattern along accretive margins

Forearc topography in 
alternative models

Topographic signal in
alternative models

Ø Trench-parallel topographic variations as a proxy for temporal
variations?

[Menant et al., 2020]
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Take-home message(s)

1. Fluid distribution plays a critical role on the
mechanical properties of the subduction channel

3. Tectonic underplating is responsible for a Myr-scale topographic
signal leading to the growth of a high forearc topography and
transient emergence of coastal promontories

2. The hydromechanical properties of the interface control the
location, amount and nature of accreted material at the
base of the forearc crust

3D shape of fore-arc topography can be used for

tracking deep accretion processes and long-term

frictional properties of the plate interface

More details on this study 
Menant A., Angiboust S., Gerya T. (2019), Stress-driven fluid flow controls long-term megathrust strength and deep accretionary dynamics, Sci. Rep. 9(9714).
Menant A., Angiboust S., Gerya T., Lacassin R., Simoes M., Grandin R. (2020), Transient stripping of subducting slabs controls periodic forearc uplift, Nat. Commun. 11(1823).
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Field evidence of tectonic underplating: coherent tectonic slices in a fluid-rich environment
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[Angiboust et al., 2015]

Fig. 15; also see Rubatto and Angiboust, 2015). Mafic eclogites near and
within this shear zone are brecciated and variably metasomatized and
the authors used a combination of garnet chemistry and whole-rock
chemistry to document metasomatic exchange between the mafic and
ultramafic lithologies, in a fluid-rich setting (Fig. 15). A more detailed,

larger-scale study of fluid–rock interactions, using stable isotope data,
has not yet been conducted at this locality.

6.2.2.3. Cima di Gagnone, Adula Unit, Swiss Central Alps. At Cima di
Gagnone, pelitic schists and gneiss enclose chlorite harzburgite and

Fig. 14. Evidence for the dissolution of carbonate in high-P metamorphic rocks exposed on Syros and Tinos (from Ague and Nicolescu, 2014). (A) Photograph of unaltered carbonate on
right, green altered carbonate on left, (B) photograph of glaucophane (gl)–epidote (ep) rich alteration zone in carbonate rock adjacent to quartz (q) vein, (C) field photograph of epidote–
quartz vein surrounded by omphacite (om)-rich alteration zone, (D) photograph of omphacite and glaucophane rich alteration zone adjacent to vein. (E and F) Proposed tectonic settings
for carbonate dissolution in these exposures, also from Ague and Nicolescu (2014), on Syros (E) and Tinos (F). This dissolution in underplated carbonate-bearing rocks could be facilitated
by infiltration of fluids from evolving major shear zones (mélange zones) acting as fluid channelways (also see Breeding et al., 2004; Fig. 13).

244 G.E. Bebout, S.C. Penniston-Dorland / Lithos 240–243 (2016) 228–258

[Ague & Nicolescu, 2014]

Dent Blanche massif, 
NW Alps

HP veins in metacarbonates, 
Tinos Greece

[Kimura et al., 2010]

Seismic reflection profile along 
the Sagami subduction zone

Supplementary Material

Evidence from geophysical observations
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Ø High-resolution thermo-mechanical models of ocean-continent subduction by solving mass, momentum and heat
conservation equations, using a marker-in-cell technique [Gerya & Yuen, 2007]

Ø Fluid (de)hydration and transport (as Lagrangian markers) + fluid-induced rheological weakening

Ø Visco-elasto-plastic rheologies constrained by laboratory experiments

Ø ~80 experiments by varying first-order parameters (e.g., convergence rate, thermal structure, amount of sediments, fluid-weakening effect)

Supplementary Material

Modelling strategy
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Supplementary Material

Implementation of fluid processes

1. Dehydration

3. Hydration
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Methods
Governing equations. The two-dimensional numerical experiments are carried out with the I2ELVIS code, 
which solved the continuity, momentum and heat conservation equations, based on a finite difference scheme and 
a non-diffusive marker-in-cell technique15. The continuity equation describes the conservation of mass, assuming 
a visco-elasto-plastic compressible fluid. It is solved on a staggered Eulerian grid and has the form:

ρ
+

∂
∂

=
D

Dt
v
x

ln
0

(1)
eff i

i

where ρeff is the effective rock density calculated in Eq. (7), t the time, vi the viscous velocity and xi the spatial 
coordinates x and y. The momentum of the compressible fluid is then solved using the Stokes equation:

σ
ρ− ∂

∂
+

∂

∂
= −P

x x
g ,

(2)i

ij

i
eff i

where P is the pressure, σij the components of the deviatoric stress tensor and gi the gravitational acceleration 
(gx = 0 and gy = 9.81 m s−2). The heat conservation equation is formulated in a Lagrangian form to avoid numer-
ical diffusion of temperature:

ρ = −
∂
∂

+ + +C T
t

q
x

H H HD
D

,
(3)eff P

i

i
r a s

where Cp is the isobaric heat capacity, T the temperature, Hr the radiogenic heat production, Ha the adiabatic heat 
production, Hs the shear heating and qi the heat flux solved as:

= − ∂
∂

q k T
x

,
(4)i

i

where k is the thermal conductivity depending pressure, temperature and rock type (Supplementary Table S2).

Fluid implementation. In our experiments, fluids are initially prescribed in the subducting oceanic litho-
sphere as (i) pore water in sediments and basaltic crust ( =X 1wpore

wt.%) and (ii) mineral bound water in sedi-
ments, basaltic crust and gabbroic crust. Pore water release by compaction is assumed constant from 0 to 75 km 
depth, also mimicking dehydration from low-temperature metamorphic reactions29 (e.g., smectite-illite, 
opal-quartz transformations). This linearly-decreasing pore water content accounts for the kinetics of metamor-
phic reactions and the natural heterogeneity of rocks that result in distributed fluid release over a temperature
range, rather than in discrete pulses2,61. Bound water release is calculated by free-energy minimization16 as a 
function of pressure, temperature and rock type11. Resulting free water is then transported as newly-formed 
Lagrangian markers. Importantly, our models do not take into account the coupling between pore pressure and
hydraulic properties (i.e., porosity and permeability) as considered in real two-phase flow systems62. Instead, we 
make the following assumptions: (i) fluid pressure approaches the solid dynamic pressure and (ii) hydraulic prop-
erties remain constant due to the balance between porosity enhancement and destruction17. Accordingly, fluid 
marker transport is controlled by the Stokes velocity field vi, the fluid buoyancy and the dynamic pressure gradi-
ents, such that:

= +v v v k , (5)i i perc iwater

where viwater
is the velocity of fluid markers, vperc the reference percolation velocity (varying from 0.1 to 10 cm yr−1

in our experiments; see Supplementary Text and Supplementary Table S1 for details on the parametric study) and 
ki the pressure-dependent coefficient calculated as:

ρ

ρ ρ
=

−

−

∂
∂k

g

g( )
,

(6)
i

crust i
P
x

crust fluid y

i

where ρcrust and ρfluid are respectively the reference crustal and fluid densities (ρcrust = 2300 kg m−3 and 
ρfluid = 1000 kg m−3) and |ki| = 2 for |ki| > 2. Upward transport is defined by positive values. Once moving, fluid
markers may be then consumed by rock markers (either as pore or mineral bound water), depending on their 
stable water content. Further details on the fluid implementation are provided by refs11,17.

Fluid effects on rock density and rheology. In our experiments, bound water content in rock markers 
affects rock density as follow:

ρ ρ ρ= − +( )X X1 , (7)eff rock fluid fluid fluid

with

ρ ρ α β= − − + − .T P(1 ( 298)) (1 ( 0 1)), (8)rock 0
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2. Transport

Reference percolation velocity

Stokes flow

Pressure gradient

Fluid buoyancy
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where ρ0solid is the standard density of rocks, Xfluid the mass fraction of fluid, α the thermal expansion and β
the compressibility (see Supplementary Table S2 for a complete list of rock properties). Non-Newtonian 
visco-elasto-plastic rheologies are employed in these experiments, implying that the deviatoric strain rate tensor 
εij includes the three respective components:

ε ε ε ε= + + .� � � � (9)ij ij ij ijviscous elastic plastic

Details on the calculation of the rheological constitutive equations are available in ref.15. For our purpose, it 
is important to note that free fluids affect rock rheology by modifying the plastic strength σyield, which limits the 
creeping (i.e., viscous) behaviour such that:

η
σ

ε
≤

�2
,

(10)
yield

II

with

η ε=
⎛
⎝
⎜⎜⎜

+ ⎞
⎠
⎟⎟⎟

−
� A exp E P V

n R T
,

(11)II
n

n D n
1 1

and

σ ϕ λ= + −C P sin( ) (1 ) (12)yield dry fluid

where η is the effective creep viscosity, ε�II the second invariant of the strain rate tensor, n the creep exponent, AD
the pre-exponential factor, E the activation energy, V. the activation volume, R the gas constant, C the cohesion, 
ϕdry the internal friction angle for dry rocks and λfluid the pore fluid pressure factor. The latter is defined as λfluid =0 
for dry rocks and λfluid = 0.99 for fluid-oversaturated rocks (indicated locally by the presence of fluid markers) 
except at the surface where hydrostatic conditions are assumed (i.e., λfluid = 0.4). Because no fluid infiltration or 
alteration is evidenced a few hundreds of meters above fossilized subduction channels43,63, fluid weakening effects 
have been deactivated for the upper and lower continental crusts.

Numerical setup. In all numerical experiments, the computational domain meases 1500 × 200 km in the x
and y direction, respectively (Fig. S1a). Eulerian grid resolution is 2.0 × 1.5 km except at the centre of the domain 
where it is 0.5 × 0.4 km. Additionally, ~8 millions of randomly distributed markers are initially prescribed for 
advecting material properties and computing water release, transport and consumption. Convergence rate 
(defined within the convergence condition region) is 5 cm yr−1. The initial setup is designed with a 30-km-thick 
overriding continental crust composed of 15 km of felsic upper crust and 15 km of mafic lower crust. The 
7.5-km-thick subducting oceanic crust is made up of 0.5 km of pelagic sediments, 2 km of hydrated basaltic crust 
and 5 km of gabbroic crust (Fig. S1b). The oceanic crust is initially underthrusted below the continental margin 
and a 10-km-thick weak zone is prescribed at the interface between the two plates to initiate subduction.

The thermal structure of the oceanic lithosphere is initially defined by an oceanic geotherm with a cooling 
age evolving from 10 kyr (x= 0) to 53 Myr (x = 854 km) for the cold subduction setting (model sub53-1). To limit 
the size of the computational domain, the cooling of the oceanic lithosphere is prescribed as 10 times faster for 
0 ≤ x ≤ 200 km. This high cooling zone is located at ~600 km away from the subduction zone, which allows to 
avoid any thermal or mechanical effect on modelled fore-arc dynamics. In the case of a warm subduction setting 
(model sub20-1), the maximum cooling age of the oceanic lithosphere is 20 Myr and its cooling is only 2 times 
faster for 0 ≤ x ≤ 200 km. A geothermal gradient of ~15° km−1 down to 90 km is defined for the continental litho-
sphere. Below, the asthenospheric geothermal gradient is 0.5° km−1.

Velocity boundary conditions are free slip for the left, right and upper boundaries, while the lower boundary is open 
to ensure mass conservation in the computational domain. The top of the lithosphere is calculated as an internal free 
surface by using a low-viscosity layer simulating air (y<10km) or water. Resulting large viscosity contrast minimizes 
shear stresses at the top of the lithospheres, which efficiently approximates a free surface64. In our experiments, sedi-
mentation and erosion processes are implemented independently by applying the following equation at the surface65:

∂

∂
= −

∂

∂
− +

y
t

v v
y

x
v v , (13)

surf
y x

surf
sedim erosion

where ysurf is the y coordinate of the surface, vx and vy the horizontal and vertical velocity components of the 
Stokes velocity field at the surface and verosion and vsedim the global erosion and sedimentation rates, respectively, 
defined as (i) verosion = 0.3 mm yr−1 and vsedim = 0 mm yr−1 for y < 10 km and (ii) verosion = vsedim = 0 mm yr−1 for 
y > 10 km. A increased erosion/sedimentation rate of 1 mm yr−1 is applied to regions with steep surface slopes 
(i.e., > 17°) for smoothing the topographic surface. This is particularly relevant for the offshore fore-arc region
where the increased sedimentation rate counterbalances the absence of global sedimentation rate prescribed in 
our experiments. Newly-formed sedimentary rocks are labelled as terrigenous sediments and display the same 
properties than the pelagic sediments (Supplementary Table S2).
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Erosive forearc margin

High sedimentation rate

Young and warm oceanic lithosphere

Fast convergence rate

Slow convergence rate

No fluid weakening effectNo pelagic sediments

49.8 Myr 50.4 Myr

37.1 Myr 50.1 Myr

49.8 Myr 49.9 Myr

[Menant et al., 2019; 2020]
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[Menant et al., 2019]

Ø Predicted duplex geometry
Ø Geometry of the Chilean margin during the formation of the

Western Series accretionary complex

5.2. Modelling results

To construct the 1D P- and S-wave velocity input models for the WP,
the depths of the interfaces producing the reflections were observed in
Fig. 5 and initial P-velocity values and contrasts were extracted from
the SPOC South (at 38.25°S) velocity model (Krawczyk et al., 2006). For
the input 1D S-velocity model, the values that were tested always
maintained a Poisson's ratio greater than 0.2 and only varied reason-
ably with respect to the S-velocities of Ramos et al. (2016). Thus, a P-
wave velocity contrast from 6.3 to 6.6 km s−1 at 13 km depth was used,
providing the one necessary absolute velocity contrast needed for the
amplitude modelling. For this profile, two 1D P- and S-wave velocity
models were found among the tests that generated synthetic seismo-
grams whose reflections fit the observed amplitude ratios and arrival
times (see Fig. 9). Both velocity models are similar. In fact, the velocity
contrasts at the interfaces are identical, except for the interface at
31 km depth (corresponding to the top of the oceanic crust), which
produces the reflections PocP and SocS. One of the models has a low
velocity zone (LVZ) at this depth and thus the reflections PocP and SocS
show inverse polarity with respect to the other reflections (see

Fig. 5. Post-stack depth migrated P-wave seismic reflection image. Vertical exaggeration ∼1. Synthetic seismograms using the reflectivity method were calculated
for the two portions WP and EP inside the rectangles. LFZ: Lanalhue Fault Zone.

Fig. 6. Close-up of post-stack depth migrated P-wave seismic reflection image with deconvolution. There are reflectivity candidates for the LFZ at shallower depths.
Vertical exaggeration ∼ 1. LFZ: Lanalhue Fault Zone.

0

10

20

T
w

o−
W

ay
 T

ra
ve

lti
m

e 
[s

]

3420344034603480
CDP

TIPTEQ profile km

Pi1P

Pi2P

PocP

0

10

20

30

T
w

o−
W

ay
 T

ra
ve

lti
m

e 
[s

]

3420344034603480
CDP

22 23 24 22 23 24
TIPTEQ profile km

Si1S

Si2S

SocS

Fig. 7. For the western 1D profile (WP), the three P- and S-reflections, whose
arrival times and amplitude ratios were modelled using the reflectivity method.
See also Fig. S2.
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Ø Dome-like structure imaged below the Coastal Cordillera where
the Western Series crops out

Post-stack, depth-migrated P-wave seismic reflection profile

Plate interface

[Ramos et al., 2018]

Ø Similar P-T peak conditions for HP-LT metamorphic rocks
and exhumation rate (i.e., 0.2-0.6 mm/yr) [Willner, 2005]
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Ø Compressional stress regime at the base of the forearc domain
= insertion of tectonic slices at the base of the duplex

Ø Extensional stress regime at shallow depth
= rock exhumation and doming of the forearc crust

Pressure gradients and calculated fluid flow

+-
Low (tensional) 

stress
High (compressional) 

stress

Ø Distribution of fluid markers

Ø Fluid trajectories and differential stress

[Menant et al., 2019]
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[Menant et al., 2020]

Ø Fast convergence rate (~8 cm/yr), vertical
overall mass flow

Ø Slow convergence rate (~2 cm/yr), horizontal
overall mass flow

Ø No pelagic sediments, minor forearc
flow/deformation

=  high coastal topography =  low coastal topography =  low coastal topography
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Ø Periodic vertical surface oscillations are predicted when tectonic
underplating is achieved through a vertical mass flow

Ø Topographic signal reflects deep accretion dynamics

Ø The faster the plate convergence rate, the shorter the periodicity of
topographic signal
(i.e., fast kinematics allows faster stress build-up along the plate interface and
rapid underplating)

Ø The deeper the accretion event, the longer the periodicity of topographic
signal. See sandbox experiments of frontal accretion [Hoth et al., 2007] and
shallow underplating [Lohrmann et al., 2006]
(i.e., reflecting the increase of rock failure threshold with depth)

[Lohrmann et al., 2006]

[Menant et al., 2020]
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Trench-parallel variations in forearc topography as a proxy for temporal variations?
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Ø Temporal variations of forearc
topography predicted in the model:
uplift events associated with
trenchward migration of the
coastline

Underplated tectonic slices with a 
limited lateral extend

[Menant et al., 2020]

Peninsula         active tectonic underplating
Coastal Cordillera          long-term duplex growth

Ø

Figure 2. (a) Tectonic segments, SW Japan [after Sugiyama, 1994]. Oblique subduction of Philippine

Sea plate creates offshore marginal basins separated by transverse-faulted anticlines and uplifted

headlands: az, Capes Ashizuri; mr, Muroto; si, Shio; do, Daio; om, Omae. (b) The 1300-year history of

subduction zone earthquake rupture matches tectonic segments. Solid circles indicate archeological or

historical evidence for shaking [Ishibashi and Satake, 1998]. Projected fault slip areas (rectangles) for

1944 and 1946 events are centered on offshore basins [Ando, 1975]. (c) Physiography of SW Japan from

Smith and Sandwell [1997], showing large-scale features of the continental slope, deep-sea terrace, and

its basins.

WELLS ET AL.: COSEISMIC SLIP IN GREAT EARTHQUAKES

ESE
16 - 3

[Wells et al., 2003]

Peninsula/basin 
alternation along 

active margins,
e.g., SW-Japan (but 

also Chile, Costa 
Rica, …)

Supplementary Material
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